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Abstract  18 
The Miocene Climatic Optimum (MCO, 14-17 Ma) was ~3-4 ˚C warmer than present, 19 
similar to estimates for 2100. Coincident with the MCO is the Monterey positive 20 
carbon isotope (13C) excursion, with oceans more depleted in 12C relative to 13C than 21 
any time in the past 50 Myrs. The long-standing “Monterey Hypothesis” uses this 22 
excursion to invoke massive marine organic carbon burial and draw-down of 23 
atmospheric CO2 as a cause for the subsequent Miocene Climate Transition and 24 
Antarctic glaciation. However, this hypothesis cannot explain the multi-Myr lag 25 
between the 13C excursion and global cooling. We use planktic foraminiferal B/Ca, 26 
11B, 13C and Mg/Ca to reconstruct surface ocean carbonate chemistry and 27 
temperature. We propose that the MCO was associated with elevated oceanic 28 
dissolved inorganic carbon caused by volcanic degassing, global warming, and sea 29 
level rise. A key negative feedback of this warm climate was the organic carbon 30 
burial on drowned continental shelves.  31 
 32 
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Introduction  41 
Understanding the causes of natural variations in atmospheric CO2 42 
concentration requires an appreciation of the temporal distribution of carbon amongst 43 
the major reservoirs involved in carbon exchange on geological timescales. On long 44 
timescales, CO2 is added to the atmosphere via volcanic degassing, metamorphic 45 
decarbonation and oxidation of organic matter, and removed via chemical weathering 46 
and organic carbon burial1,2.  The primary mechanisms that set this delicate balance of 47 
carbon inputs and outputs, which ultimately regulates long-term climate, are strongly 48 
debated2-5.  Silicate weathering and organic carbon burial are proposed as key 49 
feedbacks in setting and/or mediating Neogene atmospheric CO2 levels 
3, 6,7.  Beyond 50 
understanding the geochemical carbon cycle, constraining the outcome of 51 
anthropogenic carbon addition requires an understanding of not only climate and 52 
ecological sensitivity to rapid carbon evasion8, 9, but also the nature of different 53 
carbon cycle feedbacks. This latter requirement arises because carbon cycle feedbacks 54 
can either enhance atmospheric CO2 trends or play a crucial part in their recovery.  55 
Numerous studies of Pleistocene climate records identified several carbon cycle 56 
feedback processes that operate or are enhanced when the Earth is in colder than 57 
modern climate modes10, 11.  In contrast, the feedback processes that operated during 58 
past warm climates are less well-studied and hence remain poorly understood, despite 59 
these being arguably more relevant for our warmer future. Carbon-cycle feedbacks 60 
are therefore currently not well represented in Earth System models and highlight a 61 
gap in our ability to predict future climate change12, 13.  62 
An ideal time interval to explore the controls on long-term atmospheric CO2 63 
and pinpoint such carbon cycle feedbacks is the Miocene Climatic Optimum (MCO) – 64 
a period of sustained global warmth ~3 ˚C warmer than modern with reduced 65 
continental ice volume occurring ca. 14.7-17.0 Myrs ago and sitting within the 66 
Monterey carbon isotope excursion14, 15.  The Monterey carbon isotope excursion 67 
(MCIE) was a prolonged (~3.5 Myrs) ~1.0 ‰ positive carbon isotope excursion 68 
(13C) of the global oceans, documented in planktic and benthic foraminifera records 69 
centred on ~15 Ma16, 17 (Fig. 1), contemporaneous with basin wide deposition of 70 
organic-rich deposits, as evident in the California Monterey Formation and elsewhere 71 
in the circum-Pacific Ocean16, 18, 19. The MCIE is usually described as comprising six 72 
carbon isotope maxima (CM events), which are paced by the ~400 kyr long-73 
eccentricity cycle17, 20  (Fig. 1B, C). Following the MCO, the middle Miocene Climate 74 
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Transition ushered in a cooler and apparently more stable icehouse climate mode in a 75 
series of cooling or ice growth steps, as evidenced by benthic oxygen isotope 76 
records21, 17(Fig. 1A) and a transition from a wet-based to dry-based Antarctic ice 77 
sheet22.  This climate transition was associated with an overall decrease in the carbon 78 
isotopic composition of the ocean, although individual cooling steps have been 79 
associated with carbon maxima events, suggestive of the operation of positive carbon-80 
cycle climate feedbacks23. 81 
 82 
The classic interpretation, known as the Monterey Hypothesis19, proposed that long-83 
term cooling increased the latitudinal gradient, invigorating upwelling, which led to 84 
increased organic carbon burial rates, lowering atmospheric CO2.  This reinforced the 85 
initial cooling, whilst also increasing mean ocean 13C composition and acting as a 86 
positive carbon cycle feedback.  Subsequent  hypotheses using strontium and osmium 87 
isotope records, invoked increased silicate weathering and enhanced nutrient delivery 88 
as a mechanism for CO2 drawdown via  enhanced organic carbon deposition and mid-89 
Miocene cooling6. Others proposed the addition of volcanic CO2 emissions as a 90 
mechanism to maintain the MCO warmth24,25 and thereby stimulating high rates of 91 
chemical weathering alongside enhanced organic carbon burial.  With the availability 92 
of the first continuous Miocene atmospheric CO2 records
26 and identification of a 93 
minimum in CO2 concentrations during the MCO, it was hypothesized that the 94 
positive δ13C anomaly were caused by increased rates of organic carbon burial19,26 95 
with the warmth of the MCO sustained by its particular oceanographic configuration 96 
and low continental ice volume rather than by greenhouse gas forcing26.  However, 97 
these interpretations relied on limited, and in some cases unreliable, available indices 98 
of middle Miocene atmospheric CO2, silicate/organic carbon weathering, and climate 99 
variability 6, 19, 27-24. In particular, the early alkenone-based CO2 reconstructions were 100 
biased by diagenetic imprints on the original paleotemperature records28 that were 101 
used to calculate CO2.   102 
 103 
Recent efforts to reconstruct CO2 using the boron isotope and alkenone-based 104 
paleobarometers, with more robust organic proxy based temperature estimates, 105 
instead suggest that the warmth of the Miocene Climatic Optimum was sustained by 106 
relatively high CO2 (470-630 ppm), and the middle Miocene Climate Transition was 107 
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associated with falling CO2 concentrations
29, 30-33.  It is now thought that CO2 108 
emissions associated with the Columbia River Flood Basalts (CRB) may have been at 109 
least in part responsible for the elevated CO2 during the climatic optimum
24,29,31, 32. 110 
Furthermore, geochemical box modelling suggests that increased concentrations of 111 
CO2 may also account for part of the MCIE itself, by increasing the photosynthetic 112 
isotopic fraction of carbon to form organic matter more enriched in 12C on a global 113 
scale25.  However, attributing the MCIE solely to a volcanic carbon source does not 114 
explain the ~400 kyr pacing of the carbon maxima events or the organic-rich 115 
sedimentation typified by the Monterey Formation, and modeling produces a ~0.4‰ 116 
change in mean whole ocean δ13C whereas the MCIE itself has a far greater amplitude 117 
(~1‰)25.  118 
 119 
The association of the warmth of the MCO with elevated CO2  levels, organic-rich 120 
sedimentation, and positive carbon isotope excursions is reminiscent of the 121 
Cretaceous carbon cycle perturbations marked by widespread deposition of organic 122 
rich sediments. This is thought to represent a key negative feedback in Earth’s ice-123 
free greenhouse climate mode, helping to draw down atmospheric CO2, but is one 124 
which came at a cost to Cretaceous marine ecosystems – widespread oceanic anoxia33.  125 
Although similar in many respects, the Miocene intervals of organic-rich 126 
sedimentation were never associated with widespread anoxia34. Records of ocean 127 
carbon chemistry are therefore required to understand the nature of the carbon cycle 128 
feedbacks in this warmer-than-present icehouse world. 129 
 130 
While the development of the boron isotope (δ11B) proxy has contributed to the 131 
recognition that climate and CO2 were coupled across the Miocene Climatic Optimum 132 
and the middle Miocene Climate Transition29,23,30,35,, pH is just one aspect of the 133 
ocean carbonate system. Directly reconstructing relative changes in dissolved 134 
inorganic carbon (DIC) content of seawater would allow us to more firmly quantify 135 
changes in oceanic carbon storage, which would enable the carbon cycle feedback 136 
processes associated with the Miocene Climatic Optimum to be investigated.  137 
 138 
Here we use planktic foraminiferal boron to calcium (B/Ca) ratios along with 139 
complementary published δ11B records to reconstruct shifts in the concentration of 140 
[B(OH)4
-/DIC] and [B(OH)4
-/HCO3
-] and relative changes in surface ocean dissolved 141 
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inorganic carbon (DIC) across the early Miocene, Miocene Climatic Optimum, and 142 
middle Miocene Climate Transition. We present a moderately high resolution (1 143 
sample every ~23 kyr) multi-proxy record of B/Ca, Mg/Ca, and carbon isotope 144 
(δ13Cp) variability in the planktic foraminifer Trilobatus trilobus spanning 16.5 to 145 
11.5 Ma from Ocean Drilling Program (ODP) Site 761 located in the tropical eastern 146 
Indian Ocean.  We supplement this record with lower resolution T. trilobus B/Ca 147 
reconstructions from the Pacific (Deep Sea Drilling Program Site 588; ODP Site 872) 148 
and Atlantic Ocean basins (ODP Site 926).  We then apply ad hoc calibrations, based 149 
on modern culture and core-top datasets, along with existing records of pH to 150 
approximate shifts in surface ocean [B(OH)
4
-
DIC⁄ ] and [B(OH)4-/HCO3-] and 151 
ultimately DIC (See Methods). We then pair these records of ocean carbon storage 152 
with planktic Mg/Ca and 13Cp records and previously published benthic 18O records 153 
to provide a novel perspective on the MCIE and drivers of the carbon cycle across the 154 
middle Miocene.  155 
 156 
Our records show a positive relationship between DIC and the broad Monterey 13C 157 
excursion, but a negative relationship between DIC and 13C for the individual CM 158 
events. This suggests that the MCIE is not the sum of the carbon maxima events as 159 
originally supposed by the “Monterey Hypothesis”, and instead that these two 160 
features of the carbon isotope record reflect different carbon cycle processes. We 161 
suggest that the broad MCIE represents a negative feedback process akin to 162 
Cretaceous Oceanic Anoxic Events (OAEs), which operated in a warmer-than-present 163 
icehouse world while the positive carbon isotope excursions (CM events) within the 164 
Monterey carbon excursion likely reflect a positive carbon cycle feedback process 165 
associated with orbital scale variability in marine productivity. 166 
 167 
Results 168 
B/Ca record of T. trilobus from the mid-Miocene 169 
ODP Site 761 T. trilobus B/Ca, Mg/Ca, and δ13Cp records span a 5-million-year time 170 
slice beginning from the onset of the MCO, through its main body and into the 171 
Middle Miocene climate transition (MMCT) (Fig. 1).  At the onset of the MCIE, the 172 
planktic δ13Cp record from Site 761 shows an overall increase, following the benthic 173 
δ13C record, with average MCO δ13Cp values of 2.5 ‰ decreasing to ~2.0 ‰ by 12 174 
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Ma (Fig. 1).  Superimposed upon this background long-term trend are the globally 175 
recognized CM events14 associated with glacial events and positive shifts in δ18Ob 176 
during the middle Miocene.  177 
 178 
During the onset of the MCO, T. trilobus B/Ca ratios decreases from ~70 µmol/mol to 179 
a minimum of 59 ±1 µmol/mol (±2 standard errors of the mean, se; 14.7 to 16.0 Ma). 180 
This decrease in B/Ca ratios is associated with increasing tropical Indian Ocean 181 
temperatures by ~1.8 °C (Fig. 1). Over the course of the middle Miocene T. trilobus 182 
B/Ca increases across the MMCT from the minimum values of the MCO to a 183 
maximum B/Ca value of 76 ±1 µmol/mol (± 2se; 13.5 to 11.5 Ma), an average 184 
increase of 17 µmol/mol.  This long-term increase in B/Ca records occurs in tandem 185 
with a small long-term temperature decrease of ~0.7 °C.  The long-term increase in 186 
B/Ca values through the MMCT bears a remarkable similarity to the benthic δ18O 187 
(δ18Ob) records and is expressed in two steps with the first B/Ca increase occurring at 188 
14.7 Ma, with B/Ca values reaching 66±1 (±2se) mol/mol, before the final increase 189 
at 13 Ma to ~76 mol/mol.   190 
 191 
Superimposed on this long-term B/Ca increase are numerous short-term variations in 192 
B/Ca with an amplitude between 10 and 15 µmol/mol.  Earlier CM events show 193 
smaller scale peaks in B/Ca corresponding to the peak foraminiferal δ13C values.  194 
Peak positive planktic and benthic δ13C values during CM6 correspond to an increase 195 
B/Ca by ~10 mol/mol.   Further, the minimal long-term cooling in SSTs is 196 
punctuated by a sharp 2.4 °C cooling from 14.0 to 13.8 Ma, associated with the 197 
positive δ18Ob excursion and CM-6 event (Fig. 1; 2).  The overall SST amplitude at 198 
ODP 761 between warm, deglaciated and cool, glaciated conditions ranges from 3°C 199 
to 2°C, with a minimum temperature around 13.2 Ma.   200 
 201 
We also present lower resolution T. trilobus B/Ca records from the Pacific (DSDP 202 
Site 588; ODP Site 872) and Atlantic (ODP Site 926) Ocean (Figure 1; 203 
Supplementary Fig. 1, 2). These records show similarities in their general trends and 204 
absolute values to ODP Site 761 despite their different site locations, paleo water 205 
depths, and sediment burial depths.  DSDP Site 588 B/Ca increases from 62 ±4 206 
µmol/mol (±2se) during the MCO to 80 ±1 µmol/mol (±2se) while ODP 926 207 
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increases from 65 ±1 µmol/mol (±2se) during the MCO to 81 ±2 µmol/mol (±2se).  208 
This corresponds to a long-term increase in B/Ca of 18 and 16 µmol/mol in the 209 
Pacific and Atlantic, respectively, similar to Indian Ocean. ODP 872 B/Ca values 210 
decrease from the early Miocene into the MCO similar to the orbital-scale record 211 
from ODP 761, although our ODP 872 record is of lower resolution (Supplementary 212 
Fig. 2). 213 
 214 
Overall, T. trilobus B/Ca records document a substantial decrease at the start of the 215 
MCIE , followed by an increase from the MCO through the MMCT in the Indian, 216 
Pacific, and Atlantic oceans.  The similar trend and magnitude revealed by these B/Ca 217 
records despite their diverse oceanographic settings suggests a global driver as the 218 
primary cause. Additionally, the Site 761, Site 926, and Site 872 B/Ca records track 219 
the planktic δ11B-derived pH (i.e. MCO: low pH, low B/Ca) in the same cores 220 
supporting the idea that B/Ca is responding to global changes in surface ocean 221 
carbonate chemistry across the middle Miocene29, 30,35 (Fig. 1; Supplementary Fig. 2). 222 
Further, the similar timing of change in the δ13Cp and B/Ca records across the middle 223 
Miocene suggests that the MCIE was associated with a change in the surface ocean 224 
carbon cycle and carbonate chemistry (Fig. 1).   225 
 226 
The moderately-resolved Indian Ocean T. trilobus B/Ca record shows a ~10 227 
mol/mol increase in B/Ca associated with CM6 (Fig. 2; Supplementary Fig.3).  As 228 
the resolution of the Pacific and Atlantic B/Ca is too low to resolve short term 229 
variations in surface ocean carbon storage, we look to the T. trilobus B/Ca record 230 
across CM6 from the Blue Clay Formation of Malta at Ras il-Pellegrin 23,36 for 231 
comparison.  This record shows an ~17 mol/mol increase in B/Ca with a 232 
corresponding increase in planktic δ11B-derived pH. Together the Indian Ocean and 233 
Malta records indicate surface ocean carbon reservoir changes associated with the 234 
short-term positive δ13Cp variations (i.e. CM events) in the global ocean 235 
(Supplementary Fig. 3). 236 
 237 
 238 
Reconstructing Ocean Carbon Storage across the middle Miocene 239 
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Using surface ocean pH estimates derived from boron isotope reconstructions35 and 240 
ad hoc B/Ca-B(OH)4
-/DIC and B/Ca-B(OH)4
-/HCO3
- calibrations (see Methods), we 241 
estimate changes in DIC and B(OH)4
-/HCO3
-  across the middle Miocene (Fig. 3; 4).     242 
Firstly, this approach allows us to identify the likely drivers of ocean carbonate 243 
system change during the middle Miocene through examining the relationship 244 
between Miocene surface ocean B(OH)4
-/HCO3
- and pH (Fig. 3).  Changes in the 245 
ocean’s biological and carbonate pumps lead to alterations of the vertical gradients of 246 
DIC and alkalinity (ALK), but not their overall inventory.  Whereas long-term shifts 247 
in carbon fluxes can alter ocean inventories of DIC and alkalinity with the stabilizing 248 
response of carbonate compensation processes (i.e. CaCO3 dissolution and 249 
formation). Specifically, if the change in the carbonate system reconstructed was due 250 
to modification of the DIC or ALK gradient within the Miocene ocean (i.e. constant 251 
DIC or ALK), then the Miocene surface water pH vs. B(OH)4
-/HCO3
- would display a 252 
relationship with a relatively shallow slope (red and blue lines in Fig. 3).  Similarly, if 253 
a change in these variables was due to whole-scale change in ALK:DIC with a 2:1 254 
ratio due to carbonate compensation in response to changing the water column 255 
gradients, a shallow slope would result (green line in Fig. 3).  DIC removal or 256 
addition due to the long-term geological processes (e.g. CO2 invasion, chemical 257 
weathering, and/or Corg burial/oxidation) where carbonate compensation operates to 258 
maintain a stable CaCO3 saturation state can be approximated by the purple line on 259 
Fig. 3 where ALK and DIC change with a 1:1 ratio.  This results from the 260 
addition/removal of 1 mol of CO2 and the full carbonate compensation response that 261 
adds/removes ALK and DIC with a 2:1 ratio to maintain a steady state of CaCO3 262 
burial37.  The Miocene B(OH)4
-/DIC and pH data show a relationship which closely 263 
follows the 1:1 (ALK:DIC) line, suggesting the changes in carbonate system we 264 
reconstruct (i.e. pH and B(OH)4
-/HCO3
-) were mainly due to the addition/removal of 265 
DIC through slow geological processes, coupled with the expected CaCO3 system 266 
response (Fig. 3).  267 
 268 
This approach allows a semi-quantification of ocean DIC through the Miocene.  269 
However, given the inherent uncertainties involved, particularly in the [B]sw and the 270 
sensitivity of the B/Ca-[B(OH)4
-/DIC]sw, only relative changes in Miocene DIC are 271 
considered here (Fig. 4).  Using this semi-quantitative approach, we are able to show 272 
that the low B/Ca and B(OH)4
-/HCO3
- values of the MCO suggest higher DIC levels 273 
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in this warm interval, and that DIC had declined by ~200 to 400 mol/kg  by the end 274 
of the MMCT glaciation (See Methods; Fig. 4).  Superimposed on this overall change 275 
in DIC on millions of years timescales are higher resolution changes in DIC that were 276 
likely orbitally paced. For example, paired δ11B and B/Ca records from Malta provide 277 
strong evidence for a DIC decline across the CM6 event (Supplementary Fig. 3). 278 
Although the absolute values remain poorly constrained we estimate this decline to be 279 
on the order of ~300 mol/kg. 280 
 281 
Discussion 282 
Our planktic foraminiferal δ13Cp records show the slow rise and peak during the 283 
MCO, directly followed by a recovery during the MMCT, typical of the globally 284 
recognized Monterey carbon isotope excursion. Given the original Monterey 285 
Hypothesis, one would expect the broad increase in δ13C associated with the onset of 286 
the MCIE to be associated with a decrease in seawater DIC.  This is in contrast to our 287 
boron-based DIC reconstructions which show a broad low in B/Ca values, low pH 288 
and hence high DIC throughout the duration of the MCO (Fig. 3, 4; Methods) while 289 
Mg/Ca-SSTs estimates indicate a ~1.8 °C warming (Fig. 1). These findings are 290 
therefore not consistent with an interpretation of increasing organic carbon burial in a 291 
cooling climate at the onset of the  MCIE. Instead, it is consistent with a volcanic 292 
driver  initiating the warmth of the MCO, which pushed the climate system into a less 293 
glaciated state with higher sea level. The majority of volcanic emissions from the 294 
Columbia River Flood Basalts (CRB) erupted between 16.7 and 15.9 Ma which is 295 
approximately coincident with the onset of the MCO31 (Fig. 4).  Several studies 296 
propose that CRB volcanism supplied the necessary carbon emissions to trigger and 297 
sustain higher than modern atmospheric CO2 concentrations (~470-630 ppm), and 298 
warm MCO climate sufficient to inhibit reglaciation of Antarctica24, 29, 25-38, 39 (Fig. 4).   299 
 300 
A rise of atmospheric CO2 and positive δ13C excursion (MCIE) despite the 301 
release of presumably isotopically depleted volcanic carbon (mantle value of -5‰) 302 
may at face value seem implausible.  However, the higher CO2 levels could act to 303 
increase ocean δ13C by changing the fractionation factor associated with 304 
photosynthetic fixation of carbon, offsetting the depleted volcanic CO2 contribution
25. 305 
Alternatively, a relatively slow emission rate or a carbon isotope composition heavier 306 
than the traditional -5‰ mantle value, possibly through metamorphic degassing of 307 
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country rock, could more easily reconcile a positive MCIE with increasing CO2 levels.  308 
Separation of the δ18Ob signal into temperature and δ18Osw shows a decrease in 309 
seawater δ18O (δ18Osw)21 heading into the MCO suggesting a rise in sea level (Fig. 4). 310 
This is supported by numerous records of ice volume and sea-level variability based 311 
on sedimentological and oxygen isotope evidence from the early to mid-Miocene 312 
which indicates that the Antarctic ice sheet was highly variable during this interval 313 
with equivalent to 30 to 80% loss of modern Antarctic ice sheet15, 21, 30, 40, 41, 42.  It is 314 
therefore conceivable that this glacio-eustatic expansion of shelf area would lead to an 315 
enhanced capacity for continental organic carbon burial. As modern continental 316 
shelves produce three times the mean primary productivity of the ocean43 this can lead 317 
to organic-rich low-oxygen sediment conditions ideal for increased preservation of 318 
organic carbon during the MCO.  Furthermore, shelf facies are typically associated 319 
with relatively high sedimentation rates, which also favours organic matter 320 
preservation and burial44.   Despite this proposed propensity for enhanced organic 321 
carbon burial, elevated surface ocean DIC levels over millions of years could be 322 
sustained by the supply of carbon emissions via Columbia River Basalt eruptions. 323 
This mechanism would not be expected to cause an increase in productivity or organic 324 
carbon burial in open ocean sites, consistent with evidence from deep-water 325 
palaeoproductivity proxies45. The MCO sea level rise likely also stimulated enhanced 326 
shallow water carbonate deposition in suitable locations, representing an additional 327 
source of CO2 to the atmosphere
46.  The net effect on the carbon cycle is difficult to 328 
quantify as it would depend on the balance between the volcanic and chemical 329 
weathering fluxes, and the proportion of organic carbon to carbonate burial fluxes. 330 
Nevertheless, our records provide the first evidence to suggest that the Monterey 331 
carbon isotope excursion was associated with high oceanic DIC that sustained 332 
enhanced organic carbon burial over millions of years (Fig. 4F).  Overall, this implies 333 
a role for CO2 induced glacio-eustatic sea level rise in modulating the organic carbon 334 
subcycle and producing the largest carbon isotope excursion of the Neogene. The 335 
associated burial of marine organic carbon therefore represents a negative feedback, 336 
mitigating further atmospheric CO2 rise.  We note that prior studies suggest that 337 
marine organic carbon accumulation rates within the Monterey Formation (eastern 338 
Pacific) are too low to account for the entire magnitude of the MCIE, and additional 339 
light carbon enriched depocenters were proposed to reconcile the full magnitude of 340 
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the carbon isotope excursion45-47 . Here we look at this question with an ocean-based 341 
lens and note that additional studies are needed to explore the relative contribution of 342 
shelf versus continental organic carbon sequestration (e.g., enhanced peat formation) 343 
in driving the Monterey carbon isotope excursion.   344 
 345 
Overall, our results suggest that during the MCO there is an increase in organic 346 
carbon burial as seen for the Early Eocene Climatic Optimum48 and Cretaceous 347 
OAEs34,33,49. This played a role in mitigating the volcanically driven rise in CO2, 348 
acting as a negative feedback. However, in contrast to the Monterey carbon isotope 349 
excursion, the hallmark of OAE events are widespread anoxic and euxinic conditions.  350 
The greenhouse state during the Cretaceous had virtually no continental ice and 351 
widespread warmth50,51.  Furthermore, more sluggish ocean circulation due to the lack 352 
of polar ice and lower ocean oxygen content due to overall warmer ocean 353 
temperatures may have led to an increased capacity to produce an OAE in the early 354 
Cenozoic/Late Cretaceous. We conclude therefore that the Monterey carbon isotope 355 
excursion was likely a failed OAE due to the presence of an Antarctic ice sheet and 356 
relatively well-ventilated ocean in an icehouse time interval. 357 
 358 
Superimposed on the long-term broad Monterey carbon isotope excursion and its 359 
recovery are short-lived (~400 kyr) carbon maxima events (CM1-6) associated with 360 
positive excursions in δ18Ob, glaciation/cooling and the long-term component of 361 
eccentricity (~400 kyr), with CM6 having the largest amplitude 16, 17, 18, 20, 52.  δ18Ob 362 
leads benthic δ13Cb in the eccentricity band in Miocene isotopic records indicating a 363 
lag of carbon cycle over climate variability19.  Our planktic B/Ca record at ODP Site 364 
761 exhibits similar short-term variability as δ18Ob and δ13Cb that is superimposed on 365 
the broad decrease in B/Ca, although the resolution of the record limits our ability to 366 
examine its possible orbital signature (Fig. 1, 2; 4).  An increase in B/Ca associated 367 
with CM-6 evident from ODP Site 761 and Malta indicates a DIC decline 368 
(Supplementary Figure 3).  This suggests that although the broad positive MCIE is 369 
associated with relatively high DIC, the individual carbon maxima events are 370 
associated with higher B/Ca (lower DIC), implying that different processes are 371 
responsible for the two features of the carbon isotope record.   372 
 373 
 12 
Previous work has shown that CM-6 is associated with an invigoration in ocean 374 
circulation and increase in marine export productivity45, 53, 54 and pCO2 drawdown
23, 375 
following a major period of Antarctic ice sheet expansion55. This is a similar situation 376 
to the glaciation and positive CIE which occurs at the Oligocene-Miocene boundary 377 
(~23 Ma)56. As with the MCO, these δ13C carbon isotope excursions are associated 378 
with enhanced carbon burial and potentially enhanced marine productivity.   379 
 380 
Modeling studies have linked the origin of the long-period eccentricity pattern in the 381 
δ13C record to insolation driven changes in a marine biosphere productivity57 and 382 
increased weathering and nutrient input and marine productivity58.  Data-model 383 
comparisons show that the magnitude of δ13C change, and the timing and frequency 384 
of CM events depends on a balance between orbitally driven changes in ice volume 385 
and hence sea-level and shelf deposition/weathering and marine productivity 53. 386 
Overall this suggests that CM events during the Monterey carbon isotope excursion 387 
were linked to high nutrient delivery sustained by high CO2 driven weathering 388 
alongside insolation driven marine productivity events.  However, further work is 389 
needed to fully consider the global nutrient budget and role of insolation in setting the 390 
stage for Miocene CM events. 391 
 392 
Our records therefore indicate that increased marine organic carbon burial exhibited 393 
contrasting time-scale dependent behavior during the middle Miocene: on short-term 394 
orbital timescales it acted as positive climate feedback during the orbitally-paced CM 395 
cooling events, and on million year timescales it acted as a negative climate feedback, 396 
mitigating volcanic CO2 emissions during the Miocene Climatic Optimum.  397 
 398 
Overall, our records suggest planktic B/Ca is a powerful proxy to explore the oceanic 399 
carbon cycle during large carbon cycle perturbation events.  Our new DIC record 400 
represents the dynamic interaction between volcanic driven CO2 input, organic carbon 401 
burial, and weathering. The broad δ13C increase of the Monterey carbon isotope 402 
excursion was associated with high surface ocean DIC concentration and the 403 
sustained warmth of the Miocene Climatic Optimum. We propose that elevated 404 
carbon emissions associated with Columbia River Basalt Flood volcanism induced 405 
global warming and sea level rise, which enhanced organic carbon burial via the 406 
drowning of continental shelves. We suggest that the broad MCIE itself is therefore a 407 
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consequence of this key negative feedback process. The icehouse climate state of the 408 
middle Miocene, with its continuous ocean ventilation likely prevented the regime of 409 
enhanced organic carbon preservation from developing into a full-blown OAE as seen 410 
in the greenhouse world of the Cretaceous. During the CM events of the Miocene, 411 
climatic cooling episodes triggered corresponding periods of increased marine 412 
productivity, which likely reduced surface ocean DIC and atmospheric CO2 and acted 413 
as a positive carbon cycle feedback process consistent with the original Monterey 414 
Hypothesis. The nature and expression of carbon cycle feedbacks in response to C-415 
addition are therefore state-dependent, and such feedbacks may be critical when 416 
exploring future carbon emission scenarios in Earth System models. 417 
 418 
 419 
 420 
Methods 421 
Age Model and Study Sites 422 
Samples from Deep Sea Drilling Program (DSDP) Site 588 and Ocean 423 
Drilling Program (ODP) sites 761 Hole B, 926 Holes A/B, and 872 Hole C were used 424 
to reconstruct SST and [B(OH)
4
- DIC⁄ ]sw across the early to middle Miocene (22.0-425 
11.5 Ma; Supplementary Fig.1). Planktic foraminifera Mg/Ca, B/Ca, and δ13Cp 426 
records from ODP site 761B were sampled at an average temporal resolution of 23 427 
kyr. In contrast our other sites were sampled at lower resolution for B/Ca: ODP 926 428 
(~200kyr) and DSDP 588 (~100kyr) and ODP 872 (~1 Myr).  ODP 761 (16°44.23’S, 429 
115°32.10’E, water depth of 2179 m) is situated in the Indian Ocean on the Wombat 430 
Plateau. Site ODP 926 (3°43.148’N, 42°54.507’E, water depth 3598 m) in the eastern 431 
equatorial Atlantic Ocean on Ceara Rise. Site DSDP 588A (26°06.7' S, 161°13.6' E, 432 
water depth 1548 m) in the Southwest Pacific Ocean on Lord Howe Rise. ODP Site 433 
872 (10◦N, 162◦E, 1287m water depth) is in the tropical north Pacific gyre on the 434 
sedimentary caps of flat-topped seamounts.  435 
The age model for Site 761B is based on a fourth order polynomial fit through 436 
the biostratigraphic and isotopic datums14,35.  For ODP site 926, we use a polynomial 437 
fit through nannofossil and planktic foraminifer biostratigraphic datums adapted to 438 
the CK95 timescale35.  The published age model for DSDP 58859 used is based on 439 
compiled biostratigraphy, magnetostratigraphy, isotope stratigraphy calibrated to 440 
CK95. Ages for ODP Site 872 were calculated by linear interpolation between 441 
reliable biostratigraphic datums60 from the early to mid-Miocene adapted to the CK95 442 
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timescale35.  Core sites29, 30, 35, 61 used in this study were selected because currently 443 
they are located in regions where modern surface waters are close to equilibrium with 444 
respect to atmospheric CO2 (Supplementary Fig. 1).  We use δ11B-pH estimates35 445 
from ODP sites 761, 872, and 926 in addition to B/Ca presented in this study to 446 
estimate surface ocean [B(OH)
4
- DIC⁄ ]sw  and  [B(OH)4
- HCO3-⁄ ]sw. 447 
 448 
Planktic Foraminiferal Taxonomy and Ecology 449 
We generated trace element and isotope records using Trilobatus trilobus, a multi-450 
chambered, photosymbiont bearing species, which is predominantly a mixed layer 451 
dweller calcifying at 0-50 m and is abundant in subtropical and tropical oceans.  T. 452 
trilobus is a morphospecies of T. sacculifer62, 63 present throughout the Neogene and 453 
Quaternary periods. T. trilobus has been used extensively in previous Miocene 454 
climate and boron isotope studies29, 23, 30, 35 due to its narrow habitat range, well-455 
defined δ11B-pH calibration, calcification close to equilibrium conditions (i.e. 456 
minimal vital effects), and abundance 29, 35, 63-64, .  Further, previous studies 457 
demonstrated that temperatures derived from T. sacculifer are most suitable for 458 
estimating annual mean SST65 in tropical waters (between 20° N/S) within ±1 ˚C.  459 
Visual inspection of preservation (Supplementary Fig. 4) of T. trilobus from ODP site 460 
761B show moderately good preservation with no visible signs of infilling or 461 
dissolution.  Visual inspection of foraminiferal specimens from ODP site 926 shows 462 
evidence of a recrystallized nature, however the Mg/Ca and boron isotope signature 463 
has remained intact29,35,66.  Visual inspection of foraminiferal specimens from ODP 464 
site 872 show a ‘glassy’ nature indicative of well-preserved specimens and 465 
exceptionally good carbonate preservation supported by previous work using SEM 466 
images60,67.  Visual inspection of foraminiferal specimens from DSDP 588 have been 467 
shown to be pristine in nature with no evidence of dissolution and have been 468 
previously used in oxygen isotope reconstructions52. 469 
 470 
Trace metal and isotopic analysis 471 
Between 30-40 tests of the planktic foraminifera T. trilobus were picked from the 472 
300-355 μm size fraction from ODP site 761, 926, and DSDP 588. ODP 872 samples 473 
were prepared for boron isotope analysis and an aliquot of the foraminiferal sample 474 
was used to collect trace element data (see ref 35).  Picked specimens were weighed, 475 
gently crushed between glass plates and homogenized for chemical cleaning and 476 
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geochemical analysis. In samples where T. trilobus abundance was low (~30 477 
samples), fewer specimens (10-20 individuals) were analyzed. After sample 478 
homogenization an aliquot of the foraminiferal sample was used to collect trace 479 
element and δ13Cp data. Note only δ13Cp from ODP site 761 are presented here.  480 
 481 
Test fragments for Mg/Ca and B/Ca analyses were cleaned using a protocol to remove 482 
surficial clays, adhered organic matter, and potential secondary carbonate 483 
overgrowths68.  Clay removal consists of repeated rinses with low boron Milli-Q 484 
water and methanol. The oxidative cleaning step consists of a sodium hydroxide and 485 
hydrogen peroxide solution to remove any present organic matter. The reductive 486 
cleaning step was not included in the cleaning process as this step is unnecessary for 487 
B/Ca as the cleaning does not alter the B/Ca ratio of foraminifera or calcite bound 488 
boron 69. Lastly a weak acid leach using 0.001 M hydrochloric acid was conducted to 489 
remove any ions re-absorbed during the cleaning process on the test surface. 490 
Following the clay removal and oxidative steps samples were examined under a 491 
binocular microscope, and visible non-carbonate particles were removed using a fine 492 
paintbrush. Cleaned treated samples were dissolved in trace metal pure 0.065M HNO3 493 
and diluted with trace metal pure 0.5M HNO3 to a final volume of 350 l to achieve a 494 
target calcium concentration of 4 mM. Trace element analysis (B, Mg, Al, Ca, Mn, 495 
Fe) for ODP 761, ODP 926, and DSDP 588 was carried out at Cardiff University on a 496 
Thermo Scientific Element XR Sector Field Inductively Coupled Plasma Mass 497 
Spectrometer (SF-ICP-MS) while samples from ODP site 872 were analysed at the 498 
University of Southampton, using a Thermo Scientific Element 2 XR SF-ICP-MS .  In 499 
both instances, calcium concentrations of bracketing standards were matched to 500 
foraminifera samples to reduce matrix effects70,71.  501 
 502 
To monitor the possibility of clay contamination Mg/Ca and B/Ca data were rejected 503 
if Al/Ca exceeded 80 mol/mol for all sites. Additional cleaning effectiveness was 504 
supported by observing no significant correlation between Mg/Ca, and Fe/Ca and 505 
Mn/Ca (Supplementary Figs. 5-6). There is no correlation between B/Ca and Fe/Ca at 506 
any of the investigated sites.  There is however a positive correlation between Mn/Ca 507 
and B/Ca at ODP site 926 (R2=0.4)  and 761 (R2=0.6)  and a slight negative 508 
correlation (R2=0.3) between Mn/Ca and B/Ca at ODP site 872 (Supplementary Figs. 509 
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6).  However, at site 761, correlations across 500 kyr windows from 16.5 to 11.5 Ma 510 
show no significant correlation (R2<0.3; p>0.05) between these variables in 8 out of 511 
the 10 intervals (Supplementary Table 1). We therefore propose here that the Mn/Ca 512 
record reflects another aspect of the system (e.g. oxygenation, productivity) which 513 
would be correlated on geological timescales with B/Ca as in the Miocene72.  Long-514 
term precision at Cardiff University and University of Southampton was determined 515 
by analyzing an independent consistency standard during each run for one year. 516 
Reported values are 0.5% and 4% (r.s.d.) for Mg/Ca and B/Ca, respectively for 517 
analyses at Cardiff University and 2% and 4% (r.s.d.) for Mg/Ca and B/Ca, 518 
respectively for analyses at University of Southampton.   519 
Stable carbon isotope ratios were measured at Cardiff University on a 520 
Finnigan MAT 252 micro-mass spectrometer Kiel III Carbonate Device when sample 521 
weights were less than 100 g and measured on a Delta isotope ratio mass 522 
spectrometer when samples were greater than 100 ug. Long-term precision based on 523 
replicate measurements of a laboratory standard (NBS 19) are 0.08‰ for δ13C. 524 
 525 
 526 
Mg/Ca-paleotemperature calculation and constraining Mg/Ca seawater changes  527 
Planktic T. trilobus is the morphotype of the modern T. sacculifer, we consider it 528 
appropriate to calculate mean annual SSTs from T. trilobus Mg/Ca data using the T. 529 
sacculifer calibration65: 530 
 531 
𝑀𝑔
𝐶𝑎
= 0.347 (±0.011)𝑒0.090(±0.003)𝑇   (1) 532 
 533 
Variations in Miocene foraminiferal Mg/Ca are driven by changes in temperature, 534 
however on longer time scales both changes in temperature and in seawater Mg/Ca 535 
must be considered. Recently it has been shown that a power function73 best describes 536 
this relationship. 537 
 538 
 539 
𝑀𝑔
𝐶𝑎 𝑓𝑜𝑟𝑎𝑚
= [
𝑀𝑔
𝐶𝑎 𝑠𝑤
(𝑡)
𝑀𝑔
𝐶𝑎 𝑠𝑤
(0)
]
𝐶
𝐵𝑒𝐴𝑇           (2) 540 
 541 
 17 
 542 
where Mg/Casw(t) and Mg/Casw (0) are seawater Mg/Ca ratios for the Miocene and 543 
present respectively and A, B, and C are constants (A=exponential, B=pre-544 
exponential, C=power constant).   545 
Mg and Ca have relatively long residence times (~13 Myr and ~1.1 Myr 546 
respectively) in the ocean.  The modern day seawater Mg/Ca value is 5.2 mmol/mol 547 
and low-resolution fluid inclusions data74 show a rise across the Neogene to the 548 
modern values. Here we use the fluid inclusion value of 3.43 mmol/mol in the 549 
paleotemperature calculation.  We use the T. sacculifer calibration65 (A=0.09, 550 
B=0.347) for T. trilobus and apply a power constant75 of 0.41 for T. Sacculifer  based 551 
on the available data for this species76. T. trilobus SST estimates can be calculated 552 
from the following equation: 553 
 554 
𝑀𝑔
𝐶𝑎 𝑓𝑜𝑟𝑎𝑚
= 0.293 𝑒0.090𝑇           (3) 555 
 556 
Using a range of Mg/Ca seawater estimates, calculated SST during the MCO period 557 
in Site 761 ranges from 1.4 ˚C warmer to uncorrected Mg/Ca-SST estimates being 558 
cooler by 0.5 ˚C than the modern (modern mean annual temperature is ~27.7 ˚C).   559 
 560 
In addition to changes in seawater Mg/Ca, Mg incorporation in foraminifera has 561 
shown a species-specific dependency to changes in carbonate chemistry.  A recent 562 
review77 proposed a pH correction was necessary to correct Mg/Ca records when 563 
estimating SST for some species. This study showed that Mg/Ca ratios in T. sacculifer 564 
are insensitive to changes in pH. As Mg/Ca ratios are derived from T. trilobus shells, 565 
the morphotype of T. sacculifer, we apply no pH correction in this study.  566 
 567 
Foraminiferal Preservation 568 
Several lines of evidence suggest that dissolution does not significantly affect the 569 
Mg/Ca or B/Ca values at Site 761 and suggest our data represent a climate signal.  570 
Firstly, ODP Site 761 is situated well above the modern lysocline, above the critical 571 
20 mol/kg ΔCO32-, in a relatively shallow burial depth during the middle Miocene 572 
(<50 m) (GLODAP78). Average shell weight of T. trilobus, from the 300-355 m size 573 
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fraction, does not covary with the Mg/Ca or B/Ca record supporting our argument that 574 
these values are not biased (Supplementary Fig. 7).  575 
  Despite the reasonable appearance of foraminifera, all tests appear frosty or 576 
opaque in contrast to exceptionally well preserved translucent test shells from 577 
hemipelagic muds79. However, this preservation state is typical of most deep-sea 578 
carbonates and is caused by micro-recrystallization of calcite.  Large scale 579 
recrystallization is not evident in SEM images for ODP site 761 (Supplementary Fig. 580 
4) suggesting that diagenesis did not drive prominent shifts in δ13C and trace 581 
elements.   Additionally, Sr/Ca ratios from ODP site 761 show high values (~1.1-1.2 582 
mmol/mol; Supplementary Table 2) that are consistent across much of the record 583 
suggesting that diagenesis did not have a major influence on Mg/Ca or B/Ca 584 
variations. Nonetheless, Mg/Ca values decrease by a negligible amount with initial 585 
diagenetic alteration79, thus temporal changes in Mg/Ca are less likely to be affected. 586 
Further work80 has shown a decrease in planktic B/Ca in recrystallized relative to 587 
well-preserved foraminifera, however, additional work is needed to isolate the 588 
primary diagenetic signal. For the reasons outlined above we believe that diagenesis 589 
had a minimal effect on our records and we therefore interpret the geochemical 590 
records in terms of paleoceanographic conditions.  591 
 592 
 593 
Estimation of surface ocean [B(OH)4-/HCO3-]sw and [B(OH)4-/DIC]sw from B/Ca 594 
Like boron isotopes, the boron content (expressed as B/Ca) of planktic foraminifera 595 
has been suggested to be a proxy for ocean carbonate chemistry69, 81.  Boron exists in 596 
seawater primarily as two species borate (B(OH)4
- and boric acid (B(OH)3) and the 597 
relative concentration of each boron species and their δ11B composition varies with 598 
pH in seawater. Boron isotopic evidence and other arguments suggest that B(OH)4
- is 599 
the species predominantly incorporated into the foraminiferal calcite lattice 82. B/Ca 600 
in planktic foraminifera is controlled by a combination of ocean carbonate chemistry 601 
parameters (pH, B(OH)4
-  HCO3
-
 and DIC) as demonstrated through empirical culture 602 
experiments and field studies 81, 83, 71. Culturing efforts aimed to disentangle this co-603 
varying carbonate system parameters show that B/Ca is governed principally by the 604 
ratio of seawater B(OH)4
- to DIC or HCO3
-
  81,84.  Application of the B/Ca proxy to 605 
reconstruct shifts in the concentration of [B(OH)4
-/DIC] in seawater across major 606 
climate transitions has shed light on past carbon cycle perturbations84, 85 (e.g. PETM) 607 
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where large shifts in the ocean carbonate system occurred.  Similarly, in our study we 608 
aim to examine the carbon cycle perturbations of the early to middle Miocene, a time 609 
interval whereby a large carbonate system shifts likely occurred, suggesting some of 610 
the complexities that others have discussed with regard to the glacial-interglacial 611 
cycles may not be significant.  612 
Culture experiments with living T. sacculifer demonstrate a positive 613 
relationship between B/Ca and oceanic carbonate system parameters, where B/Ca 614 
increases at higher pH and lower DIC and HCO3
- concentrations (Supplementary Fig. 615 
8)81.  These experiments also provide calibrations that relate B/Ca to both [B(OH)4
-616 
/HCO3
-]sw and [B(OH)4
-/DIC]sw, however they argue for a better fit to the latter 617 
parameter. Recent culture work further explored the mechanistic understanding of B 618 
uptake indicating that planktic B/Ca, O. universa specifically, is driven by HCO3
- in 619 
support of [B(OH)4
-/HCO3
-]sw rather than [B(OH)4
-/DIC]sw controlling B/Ca
83. Here 620 
we present [B(OH)4
-/HCO3-]sw to evaluate the main drivers of carbonate system 621 
change through the Monterey carbon isotope excursion.  Further, we consider both 622 
B/Ca carbonate chemistry sensitivities (e.g. [B(OH)4
-/HCO3
-]sw and [B(OH)4
-/DIC]sw) 623 
to estimate surface ocean DIC. 624 
When we compile all available B/Ca-[B(OH)4
-/DIC]sw and [B(OH)4
-/HCO3
-]sw 625 
T. sacculifer calibration data an offset is observed between culture81 and core-top86 626 
datasets, where the core-top data sits lower and with a slightly steeper slope predicted 627 
by culture experiments, although this slope difference may largely be a function of the 628 
different ranges spanned by the datasets  as  the available core-top data are limited by 629 
the range in surface ocean carbonate chemistry (e.g. [B(OH)4
-/DIC]sw) that span the 630 
depth habitat of wild-type T.sacculifer compared to conditions manipulated in culture 631 
work81. We account for differences in test size87 and normalize values to a common 632 
salinity (S = 35)81, but an offset and slope difference between the datasets remain 633 
(Supplementary Fig. 8). Here we suggest the offset could be related to the fact core-634 
top foraminiferal specimens, during their life cycle, sink to water with lower pH and 635 
higher DIC/ HCO3
- in contrast to the cultured specimens.  This is supported by the 636 
lower core-top B/Ca values relative to culture.  Furthermore, the core-top study used 637 
T. sacculifer specimens with the final sac-life chamber, which have lower B/Ca 638 
relative to non-sac chambers81, in contrast to the cultured specimens.    639 
To address the B/Ca offset between datasets we retain the slope predicted in 640 
culture and normalize the culture to core-top values to generate new ad hoc B/Ca to 641 
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[B(OH)4
-/DIC]sw and [B(OH)4
-/HCO3
-]sw
 calibrations (B/Ca= 33+ 773*[B(OH)4
-642 
/DIC]sw;B/Ca= 39 + 561*[B(OH)4
-/HCO3
-]sw; Supplementary Fig. 8).  Application of 643 
these ad hoc calibrations to ODP 761 B/Ca reconstructions requires additional 644 
consideration of past changes in seawater boron ([Bsw]) on calibration sensitivity. We 645 
can assume a constant seawater composition over the studied interval as it is 646 
considerably shorter than the oceanic residence time of B (10-20 million years)88.  A 647 
positive relationship between seawater B concentration ([Bsw]) and B content in 648 
planktic foraminiferal calcite (O.universa) is observed in culture experiments81,83,84 649 
(Supplementary Fig. 9). Following Mg/Ca convention and the observation that Mg/Ca 650 
sensitivity changes as a function of seawater Mg/Ca ratio we adjust the calibration 651 
sensitivity to changes in B/Casw, to account for the influence of variable Mg/Casw on 652 
Mg/Ca thermometry70, 75 by assuming a linear scaling: 653 
 654 
𝐵
𝐶𝑎
𝑓𝑜𝑟𝑎𝑚 =
𝐵
𝐶𝑎
𝑠𝑤 𝑡=𝑡
𝐵
𝐶𝑎
𝑠𝑤 𝑡=0
 𝑥 
𝐵(𝑂𝐻)4
−
𝐻𝐶𝑂3
−  * m + b      655 
 eqn. 4 656 
𝐵
𝐶𝑎
𝑓𝑜𝑟𝑎𝑚 =
𝐵
𝐶𝑎
𝑠𝑤 𝑡=𝑡
𝐵
𝐶𝑎
𝑠𝑤 𝑡=0
 𝑥 
𝐵(𝑂𝐻)4
−
𝐷𝐼𝐶
 * m + b      657 
 eqn. 5 658 
 659 
where B/Casw (t=t) for the age of the sample and B/Casw (t=0) is modern B/Casw and 660 
m and b are the slope and y-intercept for each calibration from. Miocene estimates of 661 
Bsw and Casw are derived from boron isotope modeling and fluid inclusion estimates, 662 
respectively74, 88. 663 
Calculation of DIC and HCO3
- from the B/Ca-[B(OH)4
-/DIC]sw and [B(OH)4
-664 
/HCO3
-]sw calibrations requires an independent estimate of B(OH)4
- across the 665 
Miocene and here we use δ11B-pH estimates from ODP 761, 872,  and 92635 to 666 
calculate B(OH)4
-.  B(OH)4
- is related to pH as described here: 667 
 668 
𝑝𝐻 = − log[𝐻+]         669 
 eqn. 6 670 
 671 
𝐵(𝑂𝐻)4
− = 𝐵𝑇𝑂𝑇/(1 +  
[𝐻+]
𝐾𝐵
∗  )         672 
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 eqn. 7 673 
 674 
where 𝐾𝐵
∗ is the stoichiometric equilibrium constant for boric acid89 at time equivalent 675 
T, S, and P, and Mg/Casw (t = X Ma). pH estimates used were derived from the three 676 
δ11Bsw scenarios35 (G17, RH13, L02).  The pH derived from each scenario have a 677 
similar structure but differ in absolute pH values.  This should minimally impact the 678 
DIC trend across the Miocene, however, we use pH estimates from all scenarios to 679 
estimate the likely DIC (Supplementary Fig. 10). Surface ocean pH estimates from 680 
ODP 872 are higher by 0.1 pH units compared to site 926 and 761 in the early 681 
Miocene (16.5-17.0 Ma) (Supplementary Fig. 2).  To account for this offset, we adjust 682 
ODP site 872 by 0.1 pH units and use these adjusted pH values in the DIC estimates. 683 
SST estimates are derived from Mg/Ca in complementary samples35 and modern 684 
salinity is assumed for the entire duration of the Miocene record.  We normalize 685 
planktic B/Ca values to a common salinity, assuming modern salinity values for each 686 
site (S = 35)81.  Bsw varied in time according to marine boron isotope budget
88 in the 687 
same manner as above for B/Casw estimates. Using the B/Ca-[B(OH)4
-/HCO3
-]sw 688 
calibration, we estimate DIC from HCO3
- using the following equation: 689 
 690 
𝐷𝐼𝐶 =  
[𝐻+][𝐻𝐶𝑂3
−]
𝐾1
+ [𝐻𝐶𝑂3
−] +  
𝐾2[𝐻𝐶𝑂3
−]
[𝐻+]
           691 
 eqn. 8 692 
 693 
where 𝐾1 and 𝐾2 are the carbonic acid dissociation constants
89. 694 
 695 
The principal uncertainties in calculating [DIC]sw and [HCO3] in this way were 696 
judged to be uncertainties in the B/Ca calibration and in the pH used to calculate 697 
[B(OH)4
-].   Here we used Monte Carlo method to propagate these uncertainties into 698 
our final estimates of DIC and HCO3
-.  In order to highlight the long-term trends in 699 
DIC and HCO3
- we then fit smoothing splines through the data with the degree of 700 
smoothing determined by generalized cross validation.  Again, the uncertainty in 701 
these smoothed trends was determined using a Monte Carlo approach and a 702 
consideration of the error bars of each individual estimate.   703 
 704 
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DIC estimates derived using the range of pH scenarios (G17 v RH13 v L02) show a 705 
similar trend across the middle Miocene (Supplementary Fig. 11).   Miocene 706 
estimates of surface ocean DIC derived from ODP site 761 using both B/Ca-[B(OH)4
-707 
/DIC]sw and [B(OH)4
-/HCO3
-]sw calibrations and pH estimates from all scenarios show 708 
higher DIC during the MCO (14.0-17.0 Ma; Supplementary Fig. 11; Supplementary 709 
Table 3, 4; 68% CI; n=15). Early Miocene (17.0-22.0 Ma) estimates are lower than 710 
the MCO (Supplementary Table 3; 68% CI; n=7) increasing towards the onset of the 711 
MCO.  MCO DIC estimates decline following the MMCT.  MMCT DIC levels (13.5-712 
11.0 Ma) are lower than the MCO (Supplementary Table 3; 68% CI; n=12).  Further, 713 
the overall decline in DIC from the MCO to post-MMCT of ~220 to 370 mol/kg 714 
(B/Ca-[B(OH)4
-/DIC]sw) and 280 to 430 mol/kg (B/Ca-[B(OH)4-/HCO3-]sw) 715 
(Supplementary Table 5) is similar to change derived from a modeling study25, 716 
although absolute values are offset. Absolute Miocene DIC estimates here fall within 717 
the general estimates based on a range of approaches from modeling to geochemical 718 
reconstructions (Supplementary Fig. 12)35, 90-91.    719 
 720 
Regardless of the approach and location, our findings suggest the MCO DIC levels 721 
were higher than the early Miocene and late middle Miocene and DIC levels 722 
decreased across the MMCT by as much as 200 to 400 umol/kg.  Given the inherent 723 
uncertainties in these calculations, particularly in the [B]sw and the sensitivity of the 724 
B/Ca-[B(OH)4
-/DIC]sw and [B(OH)4
-/HCO3
-]sw, the absolute values should be taken 725 
with caution.  The trends recognized, however, because they are largely determined 726 
by B/Ca can be considered robust.  727 
 728 
Although the Miocene B/Ca record from ODP site 761 presented in this study 729 
encompasses the short term variations in δ13C (i.e. CM events), due to the lack of 730 
complimentary δ11B-pH records at the same resolution,  we are unable to estimate 731 
relative DIC on these timescales, based on records from this study (Supplementary 732 
Fig. 3).  Here we look to the T. trilobus B/Ca record from Malta which includes both 733 
B/Ca and δ11B-pH estimates across CM6 and shows a similar increase in B/Ca 734 
(Supplementary Fig. 3).  Using the same approach as above and equations 4-7, we 735 
estimate relative change in DIC across CM6.  A 17 mol/mol increase in planktic 736 
B/Ca and corresponding increase of 0.08 in pH (Supplementary Fig. 3) across the 737 
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CM6 event equates to a lowering of DIC by ~300 mol/kg although in absolute terms 738 
this remains poorly constrained at present.  We do note that to fully quantify and 739 
assess surface DIC changes on these timescales, a suite of orbitally resolved records 740 
of the carbonate system (i.e. B/Ca and δ11B) across mid-Miocene carbon isotope 741 
excursions are needed.   742 
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Figure Captions 777 
 778 
Figure 1 Isotopic and trace metal records across the middle Miocene. Previously 779 
published benthic foraminiferal (A) C. mundulus δ18O14,21 and (B) δ13C records from 780 
site ODP 761; (C) ODP 761 T. trilobus δ13C record from this study; (D) ODP 761 781 
 24 
(Indian), DSDP 588 (Pacific), and ODP 926 (Atlantic) T. trilobus B/Ca µmol/mol and 782 
(E) T. trilobus δ11B-pH estimates29,35 from site 761 for one δ11Bsw scenario35,66 (G17) 783 
with Monte Carlo uncertainty estimates (66%CI); (F) SST estimates derived from T. 784 
trilobus Mg/Ca at site 761. Yellow vertical bars highlight the timing of the Miocene 785 
Climatic Optimum (MCO) and Middle Miocene Climate Transition (MMCT). Carbon 786 
isotope maxima (CM) events 1-6 are highlighted. Monterey carbon isotope excursion 787 
duration is highlighted by the above arrow.   788 
 789 
Figure 2 Isotopic and trace metal records across CM6. (A) Planktic foraminifera 790 
T. trilobus B/Ca  from Indian (ODP 761), Pacific (DSDP 588) and Atlantic Oceans 791 
(ODP 926 alongside (B) planktic foraminiferal carbon isotope record from ODP site 792 
761. (C) benthic foraminiferal carbon isotopes from ODP site 76114,21. (D) Mg/Ca-793 
SST estimates from ODP site 761. (E) benthic foraminiferal oxygen isotopes from 794 
ODP site 76114,21.  795 
 796 
Figure 3 Sensitivity of pH vs [B(OH)4-/HCO3-]sw relationship to DIC and ALK.  797 
pH estimates derived from boron isotope reconstructions35 and ad hoc B/Ca-B(OH)4
-798 
/DIC and B/Ca-[B(OH)4
-/HCO3
-]sw calibrations (see Methods) are plotted for a range 799 
of scenarios with changes in the dissolved inorganic carbon (DIC) and alkalinity 800 
(ALK) inventory. Blue and red line indicate scenarios with constant DIC and ALK, 801 
respectively.  Purple and green lines indicate changes with a ALK:DIC ratio of 1:1 802 
and 2:1. We plot one δ11Bsw35,66 (G17) scenario to highlight the overall relationships 803 
present and provide full carbonate system estimates in the Methods.  Monte Carlo 804 
uncertainty estimates (95% CI) are plotted for pH35 and [B(OH)4
-/HCO3
-]sw estimates. 805 
 806 
Figure 4 Paleoclimate records across the middle Miocene.  (A) Planktic 807 
foraminifera T. trilobus B/Ca ratios from Indian (ODP 761), Pacific (DSDP 588) and 808 
Atlantic Oceans (ODP 926) alongside (B) benthic foraminiferal δ13C14, 21 records from 809 
ODP site 761. (C) Estimates of changes in global ice volume as derived from δ18Osw 810 
at ODP site 761. Grey circles are uncorrected BWT estimates whereas dark grey 811 
circles are corrected21. (D) Eustatic sea level change from the Marion Plateau40.  812 
Intervals of peak warmth in Antarctica as identified from ANDRILL15 are highlighted 813 
with pink bars (PW3-5). (E) Boron isotope derived atmospheric pCO2 record
35using 814 
three δ11Bsw scenarios88,92,66 (LO2; RH13; G17). (F) mid-Miocene DIC estimates with 815 
Monte Carlo uncertainty envelope using ad hoc B/Ca-B(OH)4
-/DIC calibration. We 816 
plot one δ11Bsw scenario35,66 (G17) to highlight overall changes in DIC (△DIC) 817 
changes and provide full range of DIC estimates in the Methods. Miocene DIC values 818 
were subtracted from average MCO DIC levels to calculate △DIC. (G) Estimated 819 
eruption rate of the Columbia River Basalt93. Top bars specify marine (yellow) and 820 
land based (green) organic carbon deposition events evident across the Miocene19, 94, 821 
95. 822 
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